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ABSTRACT

Some of the interactions and feedbacks between the atmosphere, thermohaline circulation, and sea ice are
illustrated using a simple process model. A simplified version of the annual-mean coupled ocean–atmosphere
box model of Nakamura, Stone, and Marotzke is modified to include a parameterization of sea ice. The model
includes the thermodynamic effects of sea ice and allows for variable coverage. It is found that the addition of
sea ice introduces feedbacks that have a destabilizing influence on the thermohaline circulation: Sea ice insulates
the ocean from the atmosphere, creating colder air temperatures at high latitudes, which cause larger atmospheric
eddy heat and moisture transports and weaker oceanic heat transports. These in turn lead to thicker ice coverage
and hence establish a positive feedback. The results indicate that generally in colder climates, the presence of
sea ice may lead to a significant destabilization of the thermohaline circulation. Brine rejection by sea ice plays
no important role in this model’s dynamics. The net destabilizing effect of sea ice in this model is the result of
two positive feedbacks and one negative feedback and is shown to be model dependent. To date, the destabilizing
feedback between atmospheric and oceanic heat fluxes, mediated by sea ice, has largely been neglected in
conceptual studies of thermohaline circulation stability, but it warrants further investigation in more realistic
models.

1. Introduction

The thermohaline circulation (THC) and its sensitiv-
ity to perturbations have become central points in the
debate about climate variability. An understanding of
the response of the system to changes in its forcing is
essential for trustworthy climate predictions. However,
the coupled ocean and atmosphere system is extremely
complex with numerous nonlinear feedbacks that make
data analysis and computer modeling difficult. State-of-
the-art models of the fully coupled climate system are
very complex and often do not allow a simple insight
into the system’s dynamics. Furthermore, they have of-
ten required order 1 adjustments to the modeled fluxes
between the ocean and atmosphere to maintain a stable
climate representative of the current conditions (e.g.,
Manabe and Stouffer 1988). Therefore, they are likely
to distort the physics of the climate system, particularly
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in its sensitivity to changes in the forcing (e.g., Naka-
mura et al. 1994, hereafter NSM).

Since Stommel (1961) it has been known that models
of the THC can exhibit at least two steady modes. One
is expressed as sinking at high latitudes and upwelling
at low latitudes and is qualitatively the regime that the
North Atlantic exhibits today. But other modes exist
without convection in the North Atlantic, and these
modes compete to determine the overall pattern of the
THC. For example, the THC in coupled general cir-
culation models (Manabe and Stouffer 1988) can exhibit
multiple equilibria either with sinking of salty water in
the North Atlantic (the current mode) or with the sinking
turned off. Manabe and Stouffer (1995) and Schiller et
al. (1997) have also found that the sinking mode can
be turned off temporarily by high meltwater runoff.

Many investigators have chosen to investigate the dy-
namics of the coupled system with simplified models
to clarify the role of the feedbacks in the system. Box
models, perhaps the simplest models of all, have been
used to identify and analyze feedbacks between the at-
mospheric eddy transports and the THC (NSM; Mar-
otzke and Stone 1995; Tang and Weaver 1995; Marotzke
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FIG. 1. Vertical cross section of the model, with flux arrows given
in the positive direction.

1996). The idealized models have not, however, in-
cluded the effects of sea ice. Recently, Nakamura (1996)
investigated the feedbacks owing to ice albedo and run-
off from land on the stability of the THC and found the
primary feedback, the storage of precipitation in the
polar latitudes as ice, to be stabilizing for the climate
system.

Since much of the direct forcing for the THC takes
place at high latitudes, sea ice probably plays a signif-
icant role in the climate system; however, the exact na-
ture of its interaction with the THC is unknown. Sea
ice directly affects the density of the ocean in two ways.
First, when sea ice forms, it excludes brine that can
elevate the salinity and hence increase the density of
the water beneath it. However, sea ice also decreases
density because it insulates the warmer ocean from cool-
ing by the overlying cold atmosphere. It is not obvious
which of these two effects is dominant and how they
interact with other parts of the system. The effects of
sea ice coupled to the THC have been investigated by
box models (Yang and Neelin 1997b), two-dimensional
domains (Yang and Neelin 1993; Yang and Neelin
1997a), and idealized three-dimensional models (Zhang
et al. 1995). Yang and Neelin (1993) found that brine
rejection is an important dynamical effect and may lead
to periodic behavior in the model. While Zhang et al.
(1995) also found periodic behavior, they pointed to the
insulating effect of ice on the water below as the source
of the oscillations. However, none of these investiga-
tions have included a dynamic atmosphere in their mod-
els. Recently, Lohmann and Gerdes (1998) used an
ocean general circulation model coupled to a one-di-
mensional atmospheric energy balance model and a
thermodynamic sea-ice model to investigate the stability
of the THC. Their main finding was that when sea ice
was present, the response of atmospheric heat flux to
sea surface temperature changes stabilized the THC, in
contrast to the findings of ice-free models where at-
mospheric heat transport changes destabilize the THC
(NSM; Marotzke 1996).

As our summary shows, the published literature on
THC–sea ice interaction is small, and the only paper we
are aware of that describes THC–atmosphere–sea ice
interaction has just recently been published (Lohmann
and Gerdes 1998). On the other hand, there have been
numerous publications on THC–atmosphere interac-
tions, as partially summarized in Marotzke (1996) and
Rahmstorf et al. (1996). It is unclear which conclusions
drawn from the many ‘‘ice free’’ models carry over to
the case including sea ice. Moreover, the question arises
whether the presence of sea ice would stabilize or de-
stabilize the THC or, conversely, whether the absence
of ice in models artificially destabilizes or stabilizes.
Not only is this relevant for the interpretation of pre-
vious model results, but it also bears directly on ice
effects on the THC’s stability in colder or warmer cli-
mates. With the THC and meridional temperature gra-
dients fixed, global cooling could lead from a warm

climate without any sea ice to a threshold at which sea
ice forms and temperature gradients must change. What
then are the pure sea ice effects on the THC’s stability
under the two scenarios as opposed to those compound-
ed by externally forced atmospheric cooling and reduc-
tion in moisture content?

We address this question in a similar manner as NSM,
Marotzke (1996), and Rahmstorf (1995), who analyzed
the impact of atmospheric feedbacks, by tuning an ice-
free and an ice-admitting model to the same THC state.
In contrast, Lohmann and Gerdes (1998) only investi-
gated the impact of sea ice on THC–atmosphere inter-
actions but not on the overall model stability. Hence,
they were unable to say whether the presence of sea ice
was or was not a stabilizing influence. Here we use the
much cruder box model to focus on a complementary
question: Does the presence of sea ice stabilize or de-
stabilize the THC? More precisely, we try to mimic the
comparison between a colder mean climate against one
warm enough that, under the same meridional temper-
ature gradient, sea ice would not appear. We investigate
the behavior of the ocean–atmosphere–sea ice system
by combining the coupled atmosphere–ocean model of
NSM with a simple model of the two principal effects
of sea ice: brine rejection and insulation. Our model is
very simple, but serves to identify some of the funda-
mental feedbacks related to sea ice and the role of sea
ice in the climate system.

2. Model

A thermodynamic parameterization of sea ice is added
to a model with the same geometry and physics as that
of NSM except that the parameterizations for the heat
and moisture fluxes in the atmosphere have been sim-
plified. The model represents an ocean basin with three
boxes: the sea ice by a single box partially overlaying
a portion of the northern ocean box and the atmosphere
with two boxes (Fig. 1). The upper boxes represent the
zonally averaged atmosphere between the equator and
358N and 358N and the North Pole. The ocean’s three
boxes span an area of 608 of longitude between 10.448
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and 358N and 358 and 758N. The surface areas of the
boxes are equal and their depths are 400 m (d) for the
shallow tropical box, 3600 m for the deep tropical box,
and 4000 m (D) for the polar box. The volume of the
polar box is equal to the combined volume of the trop-
ical boxes.

The sea-ice layer models the thermodynamic effects
of sea ice; however, the dynamics of sea ice, such as
leads and unequal thickness, is not represented. There
is a potentially important feedback, the ice–albedo feed-
back, that we have not included in our model for the
purposes of simplification. As ice forms over the ocean
it effectively increases the albedo of the ocean as it is
highly reflective. Nakamura (1996) investigates the ef-
fects of the albedo feedback on the THC and finds it to
be a stabilizing influence on the THC for temperature
or salinity perturbations in a model without sea ice.
Experiments in which the sea ice albedo is included,
using the parameterization of North et al. (1981), in-
dicate that it is of minor importance in our model and
does not change the qualitative nature of the results.
Since our model does not consider the dynamics of sea
ice, the albedo of the polar box is uniform and un-
changing in time. Also, since we examine only the
steady states of the system and perturbations to them,
we do not consider the temporal transition from the ice
free to ice covered case (notice that this is an annual-
mean model).

The water exchange between the boxes is represen-
tative of the thermohaline overturning circulation. Fol-
lowing Stommel (1961), the strength of the thermoha-
line cell in this type of model is simply related to the
density gradient between the boxes, under the relation

q 5 k[a(T2 2 T1) 2 b(S2 2 S1)], (1)

where q is the volume flux in Sv (Sv [ 106 m3 s21), a
5 1.5 3 1024 (K)21, b 5 8 3 1024 (psu)21, and k 5
2.77 3 109 m3 s21. The parameter k is set to reproduce
the modern climate regime (NSM). For q positive, there
is sinking in the polar box and upwelling in the Tropics
and vice versa for negative q. The strength of the THC
is a function not only of the surface density but also of
diapycnal mixing and thermocline depth, but (1) reflects
density differences as the fundamental driving force
(Marotzke 1997).

It is assumed that the atmospheric boxes have no
storage capacity for heat or water and therefore the flux
between the ocean and atmosphere is the residual of the
fluxes between the two atmospheric boxes and their ex-
ternal forcings. The parameterizations used by NSM for
the fluxes of heat and freshwater between the atmo-
spheric boxes are rather complicated nonlinear functions
of the mean atmospheric temperature and the atmo-
spheric temperature gradient. We use a simplification
for the atmospheric fluxes to clarify the role of the fluxes
in the model dynamics (Ahmad et al. 1997), the basis
of which is that they are made to depend on the merid-
ional temperature gradient to the third power.

Closely following the derivation of Ahmad et al.
(1997), the integrated surface heat fluxes for boxes 1
and 2 are H1 and H2, respectively. When sea ice is not
present, they are calculated as the sum of the incoming
and outgoing fluxes, so that

H 5 H 1 H (2)1 o1 d

H 5 H 2 H , (3)2 o2 d

where Ho1 and Ho2 are the radiative fluxes at the top of
the atmospheric boxes, and Hd is the meridional at-
mospheric heat flux across 358N. Here, Ho1 and Ho2

consist of an incoming solar radiation component (held
constant), a reflected shortwave component (propor-
tional to the albedo of the box), and a dynamic outgoing
longwave component taken to be a linear function of
the meridional atmospheric temperature profile. The
profile is found by fitting the second Legendre poly-
nomial,

Ts(f ) 5 Ts0 1 (Ts2/2) 3 [3(sinf )2 2 1], (4)

to the ocean surface temperature at two collocation lat-
itudes (f 5 208 and 558N). The total expressions for
Ho1 and Ho2 derived from NSM can be written as func-
tions of T1 and T2:

H 5 5.977 2 29.030a 2 0.173To1 1 1

2 0.0123T (5)2

H 5 26.974 2 57.973a 2 0.00328To2 2 1

2 0.252T , (6)2

where Ho1 and Ho2 are in petawatts and T1 and T2 are
in degrees Celsius. [see NSM Eqs. (8)–(11)]. The me-
ridional atmospheric heat flux Hd in NSM can be written
to an excellent approximation (Ahmad et al. 1997) as

2L ry anH 5 C (DT ) 1 F , (7)d 2 wR

where DT is the atmospheric temperature gradient at
358N, Fw is the moisture flux by the atmosphere, Ly is
the latent heat of evaporation, ra is the density of air,
and R is the runoff factor, which controls the amount
of water that goes into the ocean from river runoff. The
first term represents the sensible heat flux and the second
the latent heat flux. Here Fw is parameterized in the
following way:

25240/TMe
nF 5 C R (DT ) , (8)w 1 TM

where TM is the mean atmospheric temperature in kel-
vins. The exponential term divided by the mean tem-
perature to the third power comes from the Clausius–
Clapeyron equation for the saturation of air by water
vapor; C1 and C2 are constants chosen to obtain the
same values of the moisture and heat fluxes as a set
reference climate. Varying the value of the power n is
very instructive in determining the model’s sensitivity
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as it directly controls the strength of the feedbacks due
to atmospheric eddy transports (e.g., NSM). For this
discussion, we limit ourselves to n 5 3.

Sea ice is represented with an additional box of vary-
ing thickness, extent, and salinity over the northern
ocean box. Sea ice is only present in the model when
the polar ocean box is at the freezing point of seawater,
here held to be constant at 21.98C. Its extent (f ) is
determined by the latitude where the atmospheric tem-
perature profile equals the freezing point. If the tem-
perature of the sea water in the polar box is greater than
21.98C (and correspondingly f . 558N), sea ice is not
present, the box has a thickness of zero, and the model
simply reverts to the model of NSM, albeit with sim-
plified atmospheric fluxes. Changes in ice volume due
to freezing or melting are determined from energy bal-
ance at the ocean–ice interface: since the water must
remain at freezing temperature, any excess heating
(cooling) beyond 21.98C is used to melt (freeze) ice
(e.g., Lemke 1993). The ice thickness is determined
simply by dividing the ice volume by its extent. The
freshwater flux that in the absence of the ice layer would
have gone into the ocean is now assumed to fall in the
form of snow on the ice. We make the simplification
that the snow is instantly incorporated into the ice layer
so that the mixing creates a uniform salinity within the
ice. The equations for the sea ice volume are

dI d d
5 (I ) 1 (I ), (9)bot topdt dt dt

where I is the ice volume, and dItop/dt is the change in
ice volume due to snow on top of the sea ice given by

d dFw(I ) 5 , (10)topdt r0

where d is the fraction of sea ice coverage, given by

758

cosf9 df9E
f

d 5 . (11)
758

cosf9 df9E
358

The change in ice volume at the bottom of the ice layer
dIbot/dt due to direct melting or freezing of sea ice, which
arises when the heat fluxes into ocean box 1 do not
balance, is

d
(I ) 5 2(H 1 |q|(T 2 T )r C )/(L r ), (12)bot 1 m 1 0 p f 0dt

where m 5 2 for q . 0 and m 5 3 for q , 0 and Lf is
the latent heat of fusion. The term that goes as H1 rep-
resents the loss or gain of heat to the overlying atmosphere,
while the term that behaves as |q|(Tm 2 T1) gives the
amount of heat transported by the THC and represents a
loss of ice due to melting. The equation for the change in
the salinity of the sea ice, Sice , is given by

d 1 S d dnew(S ) 5 (I ) 1 (I )ice bot bot) )1 2[dt 2 I dt dt

S d d S dIi i1 (I ) 2 (I ) 2 , (13)bot bot) )1 2]I dt dt I dt

where Snew is the salinity of newly frozen seawater, set
at 15 psu in this model.

The heat flux through the ice is specified using the
parameterization of Yang and Neelin (1993). This caus-
es the flux between the northern ocean and atmosphere
to be determined by the temperature difference between
the air and water as well as the ice thickness and extent,
instead of only the residual of the atmospheric fluxes:

H1 5 (1 2 d)(Ho1 1 Hd) 1 HL, (14)

where HL is the heat released by snow freezing in the
atmospheric box being given by

HL 5 dFwLf . (15)

The heat flux through the ice is governed by (16) relating
it to the area of the sea ice and the heat conductivity of
the sea ice divided by the ice thickness and multiplied
by the area-weighted temperature difference between
the ocean and atmosphere:

75

cosf9(T (f9) 2 T ) df9E s ocean

fdA
H 5 dAC , (16)i ice 75I

cosf9 df9E
f

where A is the area of the ocean box between 358 and
758N; Cice is the heat conductivity of ice, taken to be 2
W m22 K21; Ts is the air temperature profile given by
the Legendre polynomial (4); and Tocean is the ocean
temperature, held in the presence of ice to be the freez-
ing point (21.98C).

Using the values of the sea ice thickness (I) and extent
(d) from the previous time step, the temperature of the
atmosphere at the northern collocation point is solved
for iteratively using the Newton–Raphson method, such
that the sum of the fluxes into the atmospheric boxes
equal zero, namely, that the following equation is sat-
isfied:

H (T , I, d) 1 H (T , I, d) 2 H (T ) 2 H (T ) 5 0.1 s i s o1 s d s

(17)

This is essentially a change from the ocean temperature
being prognostic to the ice volume being prognostic,
from which the air temperature over the ice is diagnosed.
The air temperature profile is now decoupled from the
ocean temperature in the polar box instead of being
directly tied to it as it was before; this has important
implications for the feedback mechanisms.
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FIG. 2. (a) Phase space diagram of thermohaline circulation strength
in Sv for model without ice for varying polar albedo and varying
runoff factor. (b) As in (a) but for model with ice. Two points (solid
circles) show positions in phase space used in perturbation experi-
ments. (c) Phase space diagram of ice extent (latitude) associated
with (b); the shaded area denotes where sea ice is not present. (d)
Phase space diagram of ice thickness in (m) associated with (b). (e)
Phase space diagram of atmospheric temperature gradient in degrees
Celsius for model without ice. (f ) As in (e) but for model with ice.
(g) Phase space diagram of oceanic temperature gradient in degrees
Celsius for model without ice. (h) As in (g) but for model with ice.
(i) Phase space diagram of oceanic heat flux in petawatts for model
without ice. (j) As in (i) but for model with ice.

3. Results

The periodic behavior found by Yang and Neelin
(1993) and Zhang et al. (1995) is not found in our model.
This is most likely a result of using a box model for
the ocean with steady forcing in our study. Ruddick and
Zhang (1996) have shown that under steady forcing, the
two box model of Stommel (1961) does not exhibit self-
driven oscillations and using a three box model, Rivin
and Tziperman (1997) found that the model’s THC dis-
played damped oscillatory motions, which needed con-
tinuous variability in the external forcing to produce
sustained variability. Instead, long-term steady-state so-
lutions are found in which brine rejection plays no role
in the equilibrium state and where only the insulating
effect of the ice is important, consistent with the findings
of Zhang et al. (1995) and Lohmann and Gerdes (1998).
That brine rejection is inconsequential in the steady state
is straightforward if one considers the dynamics of a
layer of sea ice with a steady thickness. The snow falling
from above will be constantly diluting the salt present
in the ice layer, while at the same time, from the bottom
of the layer, there must be melting to balance the in-
coming snow, which will remove some of the remaining
salt with the meltwater. This leads to the long-term
steady state where the salinity of the sea ice asymptotes
to zero. Therefore, the ice layer in the steady state is a
source of freshwater, at the same rate of snowfall on
the top. However, at shorter timescales when the ice
layer may be rapidly growing (e.g., during the seasonal
cycle), brine rejection may play a more significant role.
However, we examine only the steady states and per-
turbations to it.

To understand the role ice may play in the model, we
explore the behavior of the model in a parameter space
where we vary the albedo in the high-latitude box and
the parameter controlling runoff. The high-latitude al-
bedo effectively controls the amount of short wave-
length incoming solar radiation the box receives. For
low (high) values of the albedo, the box is very ab-
sorbing (reflective), which leads to the box being warm-
er (colder). The runoff factor is the ratio of ocean area
to catchment area. This in turn controls the amount of
river runoff that the ocean basin receives due to the
atmospheric eddy moisture flux over land. The model
was initialized with a positive overturning state. We
show the steady-state overturning rates in Fig. 2a for
the ice-free model and Fig. 2b for the model that in-
cludes ice with the associated ice extent and thickness
shown in Figs. 2c and 2d, respectively. The principal
effect to note in the case with sea ice is that for high
albedos the direction of the thermohaline cell is reversed
such that there is sinking at low latitudes and upwelling
in the northern box under the ice. This is accompanied
by relatively thicker ice as compared to the area of
parameter space where there is sinking at high latitudes.
It is consistent with the idea that the THC was weakened
during glaciation and extended sea ice cover. When the

model was initialized with a negative overturning, the
entire phase space remained in the negative overturning
state.

The reason for this switching of the THC mode over
an area of the parameter space involves the following
feedback: Thick ice over the ocean effectively insulates
the polar atmosphere from the ocean, leading to colder
atmospheric temperatures. This in turn increases the me-
ridional atmospheric temperature gradient (cf. Figs. 2e
and 2f), thus increasing both the atmospheric eddy sen-
sible heat flux and the atmospheric eddy moisture flux.
The increased moisture flux leads to an increase in the
amount of snow over the ice and allows it to maintain
a thick ice layer. Coupled with this, there is an upper
limit placed on the ocean temperature gradient (cf. Figs.
2g and 2h) since in the ice free case the water temper-
ature for the polar box becomes strongly negative in
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FIG. 2. (Continued )
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sections of the parameter space, whereas in the ice-
covered case it is bounded by the freezing point of sea-
water (held at 21.98C). This capping of the ocean tem-
perature gradient weakens the thermal forcing of the
THC so that the haline component expressed as sinking
of salty water in the Tropics dominates the circulation.
This mode of the THC has very weak oceanic heat
transports compared to the case with cold water sinking
at high latitudes (cf. Figs. 2i and 2j). The decrease in
heat transport by the ocean into the northern latitudes
further supports the thickening of the ice layer. The heat
flux required to balance the system is supplied by the
increased sensible heat flux by the atmosphere due to
the increased atmospheric temperature gradient. This is,
in total, an interaction of the sea ice with the eddy flux
feedback described in NSM.

To explore the finite amplitude stability of the THC
under the influence of an ice layer to that of an ice-free
ocean we examine the sensitivity of the system to finite
amplitude perturbations. We choose two points in the
polar albedo–runoff factor parameter space, having the
same runoff factor but differing albedos: one with a
steady state that produces sea ice and the other that does
not. They have the same steady-state overturning
strength and runoff factor but differing albedos (Figs.
2b,f,h, and j). In addition to having the same overturn-
ing, they also have the same oceanic temperature and
salinity gradients, so the mean flow feedbacks are the
same in these two cases. We integrate the two parameter
regimes to steady state and then apply a finite amplitude
salinity perturbation by instantaneously reducing the sa-
linity of box 1 and increasing the salinity in boxes 2
and 3 by the same amount. A salinity perturbation of
0.76 psu is necessary to reverse the thermohaline cell
in the model without ice, whereas it only takes a per-
turbation of 0.65 psu to reverse the circulation in the
ice-covered case. This indicates that the ice-covered re-
gime is somewhat less stable than the ice-free case;
however, the effect is only a slight weakening of the
stability but not by an order of magnitude change. How
much this ultimately matters depends on how close the
climate system is in phase space to the bifurcation of
the two modes of the THC.

Sea ice insulates the high-latitude ocean and atmo-
sphere from each other; furthermore, it sets an upper
limit on the ocean temperature gradient because a lower
bound is placed on the ocean temperature by the freezing
point of seawater. To investigate the effect of the lower
bound on ocean temperature in isolation, we perform a
set of experiments in which the sea water temperature
is not allowed to drop below 21.98C, but high-latitude
ocean and atmosphere are coupled as in the ice-free case.
The energy to prevent cooling of the ocean beyond
21.98C comes from ice formation, that is, the latent
heat of fusion. Since there is now no feedback (dynam-
ical or through insulation) to balance the high-latitude
heat budget, this interpretation implies that ice growth
keeps on forever and a steady state cannot be reached.

The alternative interpretation is that energy is not con-
served. This procedure is not very satisfactory, but it
separates the effect of the capping of the temperature
gradient from the insulation effect of sea ice. Note that
the most obvious way to eliminate the insulation effect,
simply increasing the heat conductivity, is ineffectual
since the increased heat flow through ice merely leads
to greater ice thickness, such that the ratio of the two,
and hence the steady-state heat loss, remains constant.

With T1 limited to 21.98C and no sea-ice insulation
effect, we find that the THC does not reverse from pos-
itive to negative sinking rates as before. Additionally,
the finite-amplitude stability of the THC for the pre-
viously ice-covered point in phase space is higher, as it
requires a salinity perturbation of 1.02 psu to reverse
the circulation. Hence, we conclude that it is the insu-
lating effect of sea ice and the resulting increase in
atmospheric transports leading in turn to reduced trop-
ical temperatures that is responsible for the destabilizing
feedback.

There is a fundamental change in the model behavior
when sea ice is present that explains the change in its
stability. The atmospheric sensible and latent heat fluxes
both increase with increasing atmospheric temperature
gradient, regardless of the presence of sea ice. The oce-
anic heat flux also increases with increasing atmospheric
temperature gradient when sea ice is not present. But,
when sea ice is present, the oceanic heat flux decreases
with increasing atmospheric temperature gradient. This
is summarized in Figs. 3a and 3b, which plot the oceanic
heat flux as a function of atmospheric temperature gra-
dient for both the model with ice and the model without
ice. Since the oceanic heat flux is not an obvious func-
tion of the atmospheric temperature gradient, we use the
data from the phase-space plots (Figs. 2e,f,i, and j) to
construct this plot and separate the data for positive
overturning from negative overturning for clarity. In this
data, other quantities that affect the oceanic heat flux
are varying as well, explaining the scattering of the
lines; however, the trend is obvious. When sea ice is
not included, the oceanic temperature gradient increases
with increasing radiative climate forcing and hence in-
creasing atmospheric temperature gradient. In contrast,
when sea ice is present, the oceanic temperature gradient
becomes weaker as the atmospheric temperature gra-
dient becomes larger. The weaker oceanic temperature
gradient weakens the oceanic heat flux both by decreas-
ing the thermohaline overturning strength and giving
the overturning circulation a smaller gradient to trans-
port. A weaker mean THC and the suppressed response
of the temperature gradient to THC changes both lead
to less stability (Marotzke 1996).

Even in the simple model used here, ocean–atmo-
sphere interactions are considerably more complicated
than in the corresponding case without sea ice. We there-
fore present the feedbacks in some detail, also because
it will allow us to assess which of our conclusions are
likely to carry over to more complex models such as
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FIG. 3. (a) Oceanic heat flux in petawatts as a function of atmo-
spheric temperature gradient over areas of phase space with positive
overturning (Fig. 2) for model without ice (gray shading) and model
with ice (black). The area to the left of the vertical line denotes the
data where ice is not present in either model. (b) Same as (a) but for
areas of phase space with negative overturning.

Lohmann and Gerdes (1998) or the real climate system.
The same conceptual procedure as in Marotzke (1996)
will be used, and we will point out the major differences
from the ice-free case.

The starting point is an assumed small perturbation
of an ice-covered, high-latitude sinking equilibrium. An
increase in salinity gradient (low-latitude salinity minus
high-latitude salinity) results in a weakened overturning
circulation. The following effects ensue.

1) The mean flow advects the positive perturbation sa-
linity gradient and reduces the initial perturbation
(negative feedback).

2) The reduced overturning advects less mean salinity
gradient and increases the initial perturbation (pos-
itive feedback).

3) The reduced overturning advects less mean temper-
ature gradient, which increases the ocean tempera-
ture gradient and the overturning (negative feed-
back).

Feedbacks 1–3 are purely oceanic and occur indepen-
dently of atmospheric or sea ice coupling. The reduced
ocean heat transport (feedback 3) leads to thicker sea

ice, less heat flux through the ice, and a decrease in
atmospheric temperature over ice. Low-latitude oceanic
and hence atmospheric temperature increases, and the
atmospheric temperature gradient increases. This leads
to three additional feedbacks (4–6).

4) The atmospheric moisture transport increases; in-
creased evaporation at low latitudes increases salin-
ity there, while increased snowfall at high latitudes
first leads to thicker ice but ultimately, when ice
thickness has equilibrated again, simply to a higher
melting rate at the bottom of the ice and reduced
salinity underneath. Hence, the salinity gradient is
further increased and there is a positive feedback (the
eddy moisture transport–thermohaline circulation
(EMT) feedback of NSM, except that the modifi-
cation in atmospheric temperature gradient might be
stronger).

5) The atmospheric heat transport increases (in reality
coupled to the moisture transport through the latent
heat); and the air over ice gets warmer, which means
that less heat goes from the ocean through the ice
to the atmosphere; and ice thickness is reduced. By
itself, this has no effect on the THC since the high-
latitude ocean remains at freezing temperature. But,
since the original sea ice thickening is counteracted,
this is a negative feedback.

6) The atmospheric heat transport increases, which
leads to a cooling of the low-latitude ocean and at-
mosphere. This means less thermal forcing of the
THC leading to reduced flow (positive feedback).

Without ice, feedbacks 5 and 6 can simply be sum-
marized by saying that the atmospheric heat transport
reduces the atmospheric temperature gradient originally
created by the reduction in ocean heat transport, hence
weakens the (negative) ocean heat transport feedback
and therefore is destabilizing. In particular, without ice,
the net effect of all the above is an increase in ocean
temperature gradient since the perturbation atmospheric
heat transport cannot more than fully eliminate the tem-
perature perturbation that caused it in the first place.
With ice, however, the process cannot be couched in
terms only of the oceanic temperature gradient. The
large changes in atmospheric temperature over ice can
lead to large changes in atmospheric heat transport, and
it is possible (and in our model indeed the case) that
the resulting reduction in low-latitude temperature out-
weighs the increase originally caused by the reduced
THC.

We summarize that in our model, with its simplified
physics and geometry, the presence of sea ice has the
net effect of destabilizing the THC. However, this over-
all change in model stability is the sum of several feed-
backs, some positive (destabilizing) and some negative
(stabilizing). In our formulation, the additional negative
feedback (feedback 5), the atmospheric heat transport
acting on the sea ice, is outweighed by the positive
feedbacks, the one involving the eddy moisture flux
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(feedback 4) and the feedback between atmospheric heat
transport and the reduction in oceanic temperature gra-
dient (feedback 6). The strength of these individual feed-
backs is model dependent, as is their net effect. Hence,
our model does not allow us to draw conclusions about
whether sea ice stabilizes or destabilizes the THC in
more complex models or the real climate system, and
studies with more sophisticated models are warranted.

In this vein, the only other study of atmosphere–
THC–sea-ice interactions we are aware of is that of
Lohmann and Gerdes (1998) who use a three-dimen-
sional ocean model coupled to an atmospheric energy
balance model and a thermodynamic sea ice model.
Since they do not directly contrast their model to an
ice-free case, it cannot be said whether the combination
of feedbacks involving sea ice overall stabilizes or de-
stabilizes. Their main conclusion is that the presence of
sea ice causes the atmospheric eddy heat transport to
stabilize the THC, in contrast to the ice-free models.
They emphasize a negative feedback that results from
the insulating effect of more sea ice, as well as its higher
albedo, causing the polar atmosphere to be colder, which
enhances the atmospheric eddy heat flux that reduces
sea-ice thickness and extent (similar to feedback 5).
Their model also contains the destabilizing EMT feed-
back (feedback 4), which is very weak, however. Pre-
sumably, though they do not discuss it, their model also
contains the interaction between the increased atmo-
spheric eddy heat transport and the depletion of heat in
the subtropical ocean and resulting reduction of thermal
forcing of and heat transport by the THC (see feedback
6). But this positive feedback is weaker in their model
than the negative feedback leading to less ice, which
confirms our statement that the net effect of the feed-
backs is model dependent.

The critical role of the atmospheric parameterizations
in determining the effect of sea ice on the system is
underscored by sensitivity experiments of Lohmann and
Gerdes (1998) in which they change their atmospheric
parameterizations. They switch from an energy balance
model to 1) fixed atmospheric meridional heat transport
or 2) completely prescribed surface temperatures. In
both cases, the THC is much less robust to perturbations.
In contrast, our model shows a monotonic behavior
when the power n in (7) and (8) is varied between 0
and 10. Throughout, lower values of n result in weak-
ening of the positive feedbacks (because of the weaker
response of atmospheric eddies to temperature anoma-
lies) and the system is more stable to perturbations.
However, when we fix temperatures completely and thus
eliminate the feedback described in feedback 6 the mod-
el lies in stability between the cases n 5 0 and n 5 1.
Owing to the decoupling between atmospheric and oce-
anic temperatures in the presence of sea ice, the case
of fixed temperatures (mixed boundary conditions) is
not equivalent any more to very large n, as it is without
ice (Marotzke 1996). Exactly why Lohmann and Gerdes
(1998) find that the fixed meridional transport and fixed

temperature cases have similar stability properties (al-
though both less stable than the intermediate ones) is
not clear to us, but it presumably has to do with a dif-
ferent sensitivity of feedbacks 4 and 6 to a different
atmospheric heat transport parameterization.

4. Conclusions

We have used a simple model to investigate the role
of sea ice in the sensitivity of the THC in the climate
system. This simple model cannot represent some sig-
nificant features of the real coupled ocean–atmosphere–
sea ice system, such as the dynamic spatial structure of
sea ice and the turbulent circulations of both the ocean
and atmosphere. It has, however, allowed us to more
clearly examine some of the feedbacks that are working
in the full system, which would not be possible in a full
climate model. To this end we have extended the cou-
pled atmosphere–ocean box model of NSM to include
a thermodynamic parameterization of sea ice. We em-
phasize that the model primarily serves to illustrate the
resulting feedbacks, not to provide ‘‘realistic’’ sensitiv-
ities. Moreover, we emphasize that very little is known
about large-scale THC–atmosphere–sea ice interaction,
which is why we have started with very simple for-
mulations and considerations.

We find that in our model sea ice acts as a destabi-
lizing influence in conjunction with the atmospheric
eddy feedbacks. The sea ice primarily causes the at-
mospheric meridional temperature gradient to be larger,
as the air temperature over the sea ice is colder than the
polar air temperature without sea ice. The increased at-
mospheric temperature gradient results in increased at-
mospheric heat and moisture fluxes, which weaken the
ocean density gradient. The moisture transport essen-
tially leads to the positive feedback discussed in NSM,
and the heat transport reduces sea-ice thickness, as a
direct effect, which is a negative feedback. Additionally,
however, since the ocean cannot cool below the freezing
point, the ocean temperature gradient is effectively
capped, and the cooling of the low latitudes caused by
the increased atmospheric heat flux reduces the ocean
temperature gradient and hence the thermal forcing of
the THC. Both effects act to reduce the ocean heat trans-
port and hence enhance ice thickness, and thus help
establish a positive feedback between atmospheric heat
transport, sea ice, and the THC. Compared to a simu-
lation without sea ice, a run with sea ice shows an in-
creased response to finite amplitude perturbations, in-
dicating that the positive feedbacks in the system have
been strengthened by the presence of sea ice. The net
effect is the sum of positive and negative feedbacks,
and hence model dependent. Indeed, in the much more
complex model of Lohmann and Gerdes (1998), the only
study we know that addresses these questions, the pres-
ence of sea ice causes the atmospheric eddy heat trans-
port to stabilize the THC when perturbations about an
ice-admitting equilibrium are considered.
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In contrast to Lohmann and Gerdes (1998) we have
also investigated the overall effect of sea ice on the
THC, mimicking the comparison of a colder mean cli-
mate against one warm enough that, under the same
meridional temperature gradient, sea ice would not ap-
pear. Our results indicate that the effect of sea ice alone
would make the THC less stable in a colder climate.
Furthermore, our model results indicate that the many
‘‘ice free’’ studies considering THC–atmosphere inter-
actions have left out a potentially important destabiliz-
ing feedback. In this note, we have used a very simple
model to point out a number of fundamental processes
and questions concerning the role of sea ice in the cli-
mate system; more realistic models are needed to in-
vestigate them further.
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